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Abstract.

We observe post-seismic deformation on two spatio-temporal scales following

Mw=6.5 earthquakes in the south Iceland seismic zone on June 17 and 21, 2000.

We see a rapidly decaying deformation transient lasting no more than 2 months and

extending about 5 km away from the two mainshock ruptures. This local, month-scale

transient is captured by several radar interferograms (InSAR) and is also observed

at a few campaign GPS sites located near the faults. A longer-scale transient with

a characteristic time scale of about a year is only detected by GPS measurements.

The month-scale deformation pattern has been explained by poro-elastic rebound

due to post-earthquake pore-pressure changes [Jónsson et al., 2003]. In contrast,

the year-scale deformation can be explained by either afterslip at 8–14 km depth or

viscoelastic relaxation of the lower crust and upper mantle in response to the coseismic

stress changes. The optimal viscoelastic models have lower crustal viscosities of 0.5–1

×1019 Pa s and upper mantle viscosity ∼ 3 × 1018 Pa s. Due to the limitations of our

GPS campaign data we consider both afterslip and viscoelastic relaxation as plausible

mechanism explaining the deformation field. Both types of post-seismic deformation

models suggest that the areas of large co-seismic stress increase east of the June 17 and

west of the June 21 ruptures, continue to be loaded by the post-seismic deformation.
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1. Introduction

The plate spreading across south Iceland is accommodated by rifting in the eastern

volcanic zone (EVZ), and to a lesser extent the western volcanic zone (WVZ), and

left-lateral E–W transform motion across the south Iceland seismic zone (SISZ), that

connects the two volcanic zones (Figure 1). The relative plate motion across the SISZ Figure 1

is facilitated by right–lateral strike slip motion on many parallel N–S oriented faults,

rather than one E–W transform fault [Einarsson and Eiŕıksson, 1982; Einarsson et al.,

1981]. Sequences of large earthquakes (MS ≥ 6) lasting over a time period of days to

years have occurred in the SISZ in historical time in Iceland (last 1100 years). Typically,

they start with an earthquake in the eastern part of the SISZ and continue with events

of equal or smaller magnitude further west. The time interval between large earthquake

sequences in the SISZ ranges between 45 and 112 years [Einarsson et al., 1981], with

the most recent one in June 2000. Large localized events have also occurred in the

eastern and western ends of the SISZ, the only instrumentally recorded of these was a

MS=7.0 in 1912 [Bjarnason et al., 1993a], located in the eastern part of the zone.

The June 2000 sequence started with a magnitude Mw=6.5 earthquake on June

17, 2000 [Dziewonski et al., 2001; Stefánsson et al., 2003]. Seismicity increased over

a large area in SW Iceland following the June 17 mainshock, with three M≥5 events

triggered on Reykjanes Peninsula [Pagli et al., 2003; Clifton et al., 2003; Árnadóttir et

al., 2004] (Figure 1). A second large magnitude (Mw=6.5) event occurred on June 21,

2000 [Dziewonski et al., 2001; Stefánsson et al., 2003], located about 17 km west of the
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June 17 rupture (Figure 1). Signals from the earthquakes were detected by several local

networks: the South Iceland Lowland (SIL) digital seismic network, a strong motion

network, a volumetric strain meter network, and the continuous GPS network in Iceland.

The earthquakes caused significant pressure changes in geothermal reservoirs over an

extensive area [Björnsson et al., 2001] with local changes correlating well with the

focal mechanisms of the two largest events. Surface faulting was observed for the events

in the SISZ and on Reykjanes Peninsula, indicating rupture on N–S trending faults

[Clifton et al., 2003; Clifton and Einarsson, 2005]. The coseismic crustal deformation

caused by the two earthquakes was measured with both network GPS [Árnadóttir et

al., 2001] and interferometric synthetic aperture radar (InSAR) [Pedersen et al., 2001].

These studies used the geodetic data to estimate fault geometries assuming uniform or

simple slip models. In a subsequent study the InSAR and GPS data were combined to

estimate the best fit fault geometries and distributed slip models for the two mainshocks

[Pedersen et al., 2003].

The June 2000 earthquake sequence provides the first opportunity to study

post-seismic deformation in Iceland. In this study we concentrate on the long term

post-seismic deformation field observed by annual GPS campaigns from 2000 to 2004.

To isolate post-seismic signals in the observed velocity fields, we correct for the effect

of plate spreading, using an interseismic velocity field estimated from pre-seismic GPS

observations. The first months of post-seismic deformation contain signals due to

post-seismic ground water movements inferred from InSAR measurements [Jónsson et

al., 2003]. We use the poro-elastic relaxation model from Jónsson et al. [2003] to correct
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the 2000–2001 GPS velocity field. The resulting GPS velocities are then compared to

model predictions from bulk viscoelastic relaxation in the lower crust and upper mantle

and from afterslip on discrete rupture surfaces below the coseismic ruptures. The signal

in the vertical GPS velocity field is marginally above the measurement error and can

therefore not be used as a discriminant between afterslip and viscoelastic models.

2. GPS measurements and data analysis

The GPS network in the south Iceland seismic zone has been re-measured every

year following the June 2000 earthquakes (Figure 1). The 2000 survey was carried out

between June 19 and July 3 when a total of 39 stations were observed, and each site was

occupied for at least three 8 hour sessions. Seven stations were observed before the June

21 earthquake, and repeated after the event. In the later surveys, each site was occupied

for 2 to 4 days, with at least one 24 hr session and two sessions less than 24 hours. All

the surveys were performed using dual-frequency GPS receivers, collecting data every

15 s. The next two surveys took place on June 20 to July 19, 2001 (43 stations) and

on October 2 to 28, 2002 (44 stations). The 2003 survey was carried out in two parts.

The western part of the network was surveyed from June 25 to July 2, and the eastern

part (with six stations reoccupied from the June survey) during September 14–27 (54

stations in total). The survey in 2004 included 41 stations and took place from May

3–14.

We have analysed all campaign and continuous GPS data collected in the SISZ

from 1992–2004 using the GAMIT/GLOBK software [King and Bock, 2003; Herring,
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2003]. The analysis produces three-component time series of daily station positions

with respect to the ITRF2000 reference frame [Altamimi et al., 2002]. The solution

describes station motions in terms of absolute velocities and displacements. The

velocities represent the average velocity, equivalent to the slope of the position time

series estimated from the GPS observations. The details of the analysis are discussed in

a separate study [Árnadóttir et al., submitted, 2005]. We estimate station velocities for

the pre-seismic time interval (1992–2000), several year-long post-seismic intervals, and a

longer interval from June 2001 through May 2004. The GPS station velocities for the

time intervals 1992–2000, 2000–2001 and 2001-2004 are given in Tables 1–3 (electronic

supplement 1). Although the formal uncertainties given here have not been scaled by

any a posteriori estimate of variance, previous studies using the same approach indicate

that they adequately reflect the data scatter [e.g., McClusky et al., 2000].

3. Interseismic GPS velocity field in the SISZ

We estimate a surface velocity field in SW Iceland, representing the background

secular motion in the area, using GPS campaign observations from 1992–1999 (Figure 2) Figure 2

[Sigmundsson et al., 1995; Árnadóttir et al., submitted, 2005]. Unfortunately, this

velocity field is perturbed in the area around Hengill volcano due to an inflation during

1993–1998 [Sigmundsson et al., 1997; Feigl et al., 2000]. Two continous GPS stations,

1Supporting material is available via Web browser or via Anonymous FTP from

“ftp://ftp.agu.org/apend/” (Username = “anonymous”, Password = “guest”).
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HVER and OLKE, were installed in the Hengill area in early 1999. These stations show

slower velocities, calculated from data spanning 1999–2000, than the campaign stations

5 to 10 km farther east. This indicates that the inflation period at Hengill ended

sometime in late 1998 to early 1999. A model assuming a point source of inflation at

∼7 km depth, fitting a rate of uplift of 19 mm/yr obtained from InSAR data spanning

1993–1998 [Feigl et al., 2000], predicts small horizontal velocities in the western part of

the SISZ due to the Hengill inflation (white arrows in Figure 2). We therefore neglect

the stations near Hengill to estimate a smooth pre-seismic velocity field.

Not all the GPS stations were occupied on two separate occasions before the

earthquakes in 2000. Interseismic horizontal velocities at these stations were estimated

by interpolation (Delaunay triangulation) of neighboring station velocities with pre-

seismic uncertainties lower than 4 mm/yr. This procedure yields a smooth pre-seismic

velocity field that is valid even for the stations affected by the 1993–1998 inflation

episode at Hengill (shown with white arrows in Figure 3 and Table 1, electronic Figure 3

supplement). A similar interpolation of the vertical pre-seismic velocity field is not

possible due to the large uncertainties in the velocity estimates and perturbations caused

by the Hengill inflation prior to the June 2000 earthquake sequence. The details of the

pre-seismic velocity field in SW Iceland are described in a separate study [Árnadóttir

et al., submitted, 2005].
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4. Post-seismic velocities in the SISZ

We correct the post-seismic velocities for secular plate motion by subtracting

the estimated interseismic horizontal velocity field from the year-to-year solutions.

We therefore assume that the background plate spreading was not perturbed by the

earthquakes and remains unchanged during the post-seismic interval. We do not,

however, make a similar correction to the vertical velocities as we do not have vertical

velocities for the pre-seismic interval at most of our stations in the SISZ. The vertical

velocities shown in figures are in the ITRF2000 reference frame. The signal-to-noise

ratio of the annual post-seismic velocities is low as the remaining signal is small after

subtracting the interseismic motion (Figure 4). In addition, the velocity estimates Figure 4

appear to be rather variable from one year to another, e.g., for the 2002–2003 and

2003–2004 intervals, where the time between the observations is less than one year.

Inspection of the post-seismic station time series suggests that the velocities are not

decaying rapidly from 2001 to 2004. We therefore divide the post-seismic time series

into two intervals; 2000–2001 when the post-seismic signal appears to be larger than

for the other intervals, and 2001–2004 interval, when post-seismic velocities appear

relatively stable (Figure 4). We use the velocities from these two time intervals in the

remainder of this paper.

The general pattern of the post-seismic displacements has stations to the west of

the June 21 rupture with a northward motion, turning more westward north of the two

ruptures, while stations to the east of the June 17 rupture move southwest to southward
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(Figure 4). Velocities of the stations in the area between the faults are small. The

vertical velocity pattern is less clear, with most stations showing uplift. We exclude

vertical data from the easternmost stations (THJO and ISAK) in our analysis as the

high vertical velocity is probably due to re-inflation of the Hekla volcano following the

February 2000 eruption.

5. Poro-elastic transient

A rapid post-seismic deformation transient was observed in satellite radar

interferograms (InSAR) near the June 17 and June 21 surface ruptures during the first

two months after the earthquakes [Jónsson et al., 2003]. The InSAR data record

changes in distance along the near-vertical line of sight between the ground and the

ERS-2 satellite between June 19 and July 24. The observed deformation pattern shows

four quadrants around the June 17 rupture (Figure 5a). Post-seismic subsidence is Figure 5

observed in the (co-seismic) compressive quadrants NW and SE of the ruptures, while

post-seismic uplift is found in the extensional quadrants. The deformation decayed

rapidly after the earthquakes and appears to have lasted about two months [Jónsson et

al., 2003].

The observed deformation signal cannot be explained by deep rooted mechanisms

such as viscoelastic relaxation in the lower crust and upper mantle or by post-seismic

afterslip occurring below the co-seismic fault slip [Jónsson et al., 2003]. The deformation

pattern is, however, consistent with models of poro-elastic rebound in the crust due

to post-earthquake changes in pore-pressure (Figure 5b). For this model calculation
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we assume a poro-elastic crust that changes from an undrained state (Poisson’s ratio

of νu = 0.31) just after the earthquakes to a fully drained state (ν = 0.27) where all

the earthquake-induced groundwater pressure changes have dissipated. This model also

assumes the co-seismic slip distributions estimated for the June 17 and 21 mainshocks

from a joint inversion of the co-seismic GPS and InSAR measurements [Pedersen et

al., 2003]. Both the magnitude and pattern of the deformation predicted from this

model agree well with the InSAR data (Figure 5a). In addition, this interpretation is

supported by water-level observations from numerous geothermal wells in the region.

The spatial distribution of the post-seismic water-level changes is consistent with the

observed rebound and the water-level recovery in most wells also took about 1-2 months

[Jónsson et al., 2003].

We use this poro-elastic model to calculate predicted GPS displacements at our

network stations and to correct the 2000–2001 GPS velocities for this effect. The largest

predicted displacements are within 5 km of the fault ruptures and a significant part of

the observed velocities at these stations can be explained by poro-elastic rebound (white

arrows in Figure 4a and c and Table 4, electronic supplement). The vertical signal is

less well correlated with the model than the horizontal, with some stations showing

uplift where the model predicts subsidence. In particular at station AKBR, near the

northern end of the June 17 fault where the model can only explain a fraction of the

observed velocity, although the azimuth for the horizontal component is not far off.

The poro-elastic deformation northwest of the June 17 rupture appears to have been

unusually strong, possibly due to different crustal material properties, as here the model
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also under-predicts the observed InSAR data (Figure 5c). This GPS station (AKBR)

may also have been affected by anelastic deformation due to surface cracks observed

close to the station and we therefore exclude it in our analysis below. For the remaining

GPS stations we subtract the poro-elastic model predictions from the 2000–2001 velocity

field. We use this corrected velocity field in our modeling of the longer term post-seismic

deformation in the following sections.

6. Viscoelastic relaxation

To explain the year-scale transients observed in the post-seismic velocity fields, we

explore a transient rheology. The simplest form of a transient rheology is a Burgers

body, as shown in Figure 6. This is a linear biviscous model consisting of a Maxwell Figure 6

element in series with a Kelvin element. Five parameters are needed to parameterize

the rheology of such a material: the steady-state shear modulus µ1, the steady-state

bulk modulus κ1, the steady-state viscosity η1, the transient shear modulus µ2, and the

transient viscosity η2. This rheology allows for an initial transient response associated

with relaxation time τ2 = η2/µ2 followed by a slower steady-state response associated

with relaxation time τ1 = η1/µ1, for suitable choices of η2 << η1. The details of the

equations governing the Burgers body are given by Pollitz [2003]. It is useful to note

that the response at times that are long compared with τ2 but short compared with τ1

is equivalent to the elastic response with modified shear modulus µ′ = µ1µ2/(µ1 + µ2).

If either η2 = ∞ or µ2 = ∞, the material behavior reduces to that of a Maxwell

rheology. Several studies have used this type of transient rheology to describe crustal
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deformation [e.g., Peltier et al., 1981; Yuen et al., 1986]. Bills et al. [1994] explored

millenium scale crustal asthenosphere relaxation following unloading of lacustrine loads

in the western US, employing a Burgers body rheology for the mantle. Ivins [1996]

explored the possibility of transient rheology in the lower crust of the Mojave Desert,

California in order to explain rapid post-seismic deformation observed for the first 3

months following the 1992 M=7.4 Landers earthquake. Pollitz [2003] examined the

time-dependent GPS velocity field around the region of the 1999 M=7.1 Hector Mine,

California earthquake, finding that both horizontal and vertical deformation patterns

could be well explained by predominantly viscoelastic relaxation of the mantle, its

rheology being a Burgers body with material relaxation times of 0.07 and 2 years.

Unlike earlier crustal deformation studies, Pollitz [2003] isolated the transient rheology

to be predominantly a mantle phenomenon, dominant over any possible transient

rheology in the lower crust. A similar conclusion is reached by Pollitz [2005] in the area

of the 2002 Denali, Alaska earthquake, where the temporal pattern and observation of

anomalously rapid horizontal postseismic movements at great distance from the rupture

again point to a transient rheology in the mantle. It is not clear if a transient rheology

or a stress and temperature-dependent nonlinear rheology [Freed and Bürgman, 2004]

best characterizes the mantle. It is also unknown if a transient rheology is applicable

to Earth’s upper mantle globally. It is, however, consistent with the expected initial

rapid transient response followed by a transition from anelastic to viscous deformation

mechanisms, based on laboratory constraints on transient rheology and corresponding

constitutive relationships (e.g., Minster and Anderson, 1981).
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The present SISZ dataset is not sufficient to independently constrain a transient

rheology in Iceland. We therefore follow earlier studies and adopt a layered viscoelastic

structure with a Maxwell rheology with viscosity ηc for the lower crust, and a Burgers

body rheology with a steady state viscosity η1 for the mantle below the SISZ (Figure 7). Figure 7

We assume an elastic upper crust down to 10 km, based on the depth extent of

earthquake hypocenters in the SISZ [e.g., Stefánsson et al., 1993; Tryggvason et al.,

2002], and a lower crust from 10–20 km consistent with estimates of Moho depth from

seismic studies [e.g., Bjarnason et al., 1993b; Allen et al., 2002]. Based on inferred

mantle rheology from previous studies applying a Burgers body rheology [Pollitz,

2003; Pollitz, 2005], we assume a transient mantle viscosity that scales with the

steady state viscosity, such that η2 = η1 × 0.036. We also assume that µ2 = µ1, then

µ′ = 0.5× µ1.

Predicted viscoelastic relaxation is controlled by source models of the June 17

and June 21 events [Árnadóttir et al., 2001] combined with the depth distribution

of viscoelastic parameters. We employ the method of Pollitz [1997] to compute the

globally valid viscoelastic surface deformation fields at specific points and given time

interval. The model velocity field depends on both the viscoelastic parameters as well

as a velocity shift:

vj(ri) = vVE
j (ri) + ∆vj (1)

where vj(ri) is the total calculated surface velocity field at site i and time interval

j, vVE
j (ri) is the contribution of viscoelastic relaxation, and ∆vj is the velocity shift
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vector for that time interval. This velocity shift is meant to account for possible

long-wavelength inaccuracies in the interseismic correction, including a background

uplift signal.

For time interval j the misfit function is defined as

χ2
j = qT

j ·Cj
−1·qj (2)

where, for each time interval j, the column vector qj is obtained by taking the difference

between the observed velocity field uji at site i and the model prediction vj(ri) at that

site, and Cj is the associated data covariance matrix. The residual vector qj has 3

components from each site for a total of 3n components, where n is the total number of

sites.

We generate different sets of models by varying both ηc and η1 in a grid search

for minimum-misfit models. Figure 8 shows the fit of model velocity fields to observed Figure 8

2000–2001 and 2001–2004 velocity fields, separated into the horizontal and vertical

components. The misfit for a given model is shown with respect to both ηc and η1,

the former being represented by the ratio ηc/η1. A line with a slope of −1 on these

plots represents models of constant ηc. For the horizontal velocity field it is clear that

low-misfit models tend to fall on such a line, corresponding to ηc ∼ 0.5− 1× 1019 Pa s

and admissible η1 over a broad range from 1018 to 1020 Pa s. Thus, even allowing for

possible complexity in the mantle post-seismic response, we find that the horizontal GPS

measurements following the June 17 and 21 SISZ events constrain lower crust viscosity

to within a factor of about 2. To attempt to constrain η1, we note that theoretically the
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vertical velocity field is very sensitive to the ratio ηc/η1. A ratio ∼> 3 is weakly suggested

by the vertical χ2 misfit pattern (Figure 8d). Although the vertical post-seismic signal

is greatly contaminated by noise, we believe that this provides a useful constraint on the

rheology. The horizontal χ2 values are lowest for ratios ηc/η1 ∼< 3. Together with the

vertical misfit patterns this suggests that ηc ∼ 3× η1. We thus have a slight preference

for a rheology with the following parameters: η1 = 3× 1018 Pa s, η2 = 1.0× 1017 Pa s,

ηc = 1.0× 1019 Pa s, µ2 = µ1 = 70 GPa. This combination of parameters is indicated by

the black circles on the plots of Figure 8.

We compare predicted viscoelastic and observed horizontal velocity fields for the

two post-seismic time intervals in Figure 9a-b using this preferred model. Both the Figure 9

pattern and amplitude of elevated post-seismic velocities, particularly the factor of

two reduction in velocities between 2000–2001 and 2001–2004, are matched by the

viscoelastic model. To assess how well the models fit the data we calculate the weighted

RMS residuals as WRMS=
√

χ2

N
, where χ2 is calculated from Equation (2), and N is the

number of data. Here N=42 stations × 3 components (=126) for the first year and 53

stations × 3 components (=159) for the 2001–2004 time interval. The WRMS is 2.0

for the horizontal velocities during the first year and 2.2 for the later time interval. In

Figure 9c-d we compare predicted and observed uplift for the preferred low-η1 model.

Due to the large uncertainties in the vertical GPS velocities during the first year the

WRMS misfit is 1.2 compared to 1.5 for the 2001–2004 interval, although visually the

agreement between the observations and model is better for the latter time interval.

In Figure 10a-b the vertical rates are compared in graphical form for the preferred Figure 10
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low-η1 model and an alternative high-η1 model which is also consistent with the

horizontal post-seismic velocity pattern (indicated by black triangles in Figure 8). The

correlation coefficient between predicted and observed uplift is 0.11 and -0.18 for the

low-η1 and high-η1 models, respectively.

The choice of mantle rheology and viscosity influences the estimation of ηc. If η1

were sufficently high (η1 >>1019 Pa s), then mantle flow would be controlled almost

entirely by the Kelvin element during the first 4 years. The mantle during times t << τ1

would then behave as a standard linear solid (SLS), and during the transient period

(t ∼< τ2) the mantle would gradually relax to a lowered shear modulus of µ′ with an

exponential decay time of τ2 (see Equation 2 of Pollitz [2003]). Thus the admissible

models in Figure 8, near η1 ∼ 5×1019 Pa s, ηc/η1 = 0.1, where misfit is low, suggest that

inferred crust viscosity is ηc ∼ 5× 1018 Pa s for an effectively SLS mantle rheology. For

smaller η1, inferred ηc tends to be larger, i.e., ηc ∼ 7× 1018 Pa s for η1 ∼ 1019 Pa s, and

ηc ∼ 1019 Pa s for η1 ∼ 3× 1018 Pa s. In a previous study [Árnadóttir et al., 2003b] we

found that inferred ηc is in the range 2–4 ×1018 Pa s and nearly independent of η1 when

a Maxwell rheology is prescribed for the mantle (η2 = ∞ and η1 variable). This shows

that the inferred ηc not only depends upon the choice of mantle rheology but also, in

the case of a transient rheology, trades off somewhat with mantle viscosity. Note that

all transient rheologies considered here have η1 ≤ 1020 Pa s and thus η2 ≤ 3.6× 1018 Pa

s, corresponding to τ2 ≤ 1.6 years. The two candidate models considered in Figure 8

are associated with material relaxation times ηc/µc ∼ 10 yrs in the lower crust and τ2

= 0.05 yrs or 0.3 yrs and τ1=1.3 yrs or 8 yrs in the mantle. Thus the observed rapid
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decrease in post-seismic velocities between 2000 and 2004 is largely attributed to the

influence of mantle relaxation in the viscoelastic models.

7. Afterslip

We now investigate if post-seismic slip (afterslip) on narrow shear zones in the lower

crust, below the coseismic ruptures, can provide an alternative mechanism to viscoelastic

relaxation. Afterslip has been suggested as an explanation for observed post-seismic

deformation in a variety of tectonic settings, e.g., after major strike-slip earthquakes

such as the 1999 Izmit, Turkey earthquake [Reilinger et al., 2000; Bürgmann et al.,

2002] and following shallow reverse faulting events like the 1999 Chi-Chi, Taiwan

earthquake [Hsu et al., 2002]. In addition, deformation transients observed after large

subduction earthquakes are usually thought to be caused by afterslip on the subduction

interface [e.g. Heki et al., 1997].

Here we estimate afterslip directly from the observed post-seismic GPS data in a

similar fashion as co-seismic fault slip is derived. We use fault locations and geometries

determined by Pedersen et al. [2003] from GPS and InSAR data, extend these faults

well into the lower crust and divide them into multiple rectangular sub-faults. We

then use the post-seismic GPS data to invert for spatially-variable afterslip during the

two time-intervals 2000–2001 and 2001–2004, assuming elastic rheology [Okada, 1992].

Following Equation 1, the modeled velocity field at site i for time interval j

vj(ri) = vAS
j (ri) + ∆vj (3)
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is the sum of the velocity prediction due to distribution of afterslip vAS
j (ri) and an

estimated velocity shift vector ∆vj, as explained in the previous section. We minimize

the misfit function in Equation 2 using a non-negative least squares approach, i.e., only

allowing for right-lateral afterslip. In addition, we apply smoothing to the solution, but

otherwise put no restrictions on where on the fault planes afterslip can take place.

For the 2000–2001 time interval the estimated afterslip is concentrated at depths

8-14 km with a maximum of 40 cm/year on each fault. The afterslip occurs below

regions with numerous aftershocks and its distribution appears to be a downward

continuation of the co-seismic fault slip as observed in other strike-slip earthquakes (e.g.,

Izmit 1999 [Reilinger et al., 2000]) (Figure 11). A small amount of shallow afterslip Figure 11

is found near the southern and northern end of the June 21 coseismic rupture which

correlates well with the extent of aftershocks. The predicted GPS displacements from

this afterslip model explain the main features in the observed GPS displacement field

(Figure 9). The weighted RMS for the optimal afterslip model is 1.4 and 1.1 for the

horizontal and vertical components, respectively for the first year compared to 1.9 and

1.7 for the horizontal and vertical components, respectively for the later interval.

The optimal distribution of afterslip for the 2001–2004 interval is less convincing.

In this case afterslip is found at shallower depths as well as having two clear slip maxima

on each fault plane (Figure 11). If afterslip was driven by the rather smooth coseismic

fault slip distribution, then multiple afterslip maxima seem unlikely. These afterslip

maxima, however, appear to the north and to the south of the afterslip maxima found

for the earlier interval in 2000–2001 on both faults. Therefore, one could argue that
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afterslip first occurred directly below the coseismic slip and then propagated both to

the south and to the north.

8. Discussion

Several previous studies have advocated for afterslip being the main post-seismic

mechanism for large (Mw ∼ 7.4) strike-slip earthquakes [e.g., Hearn, 2003], while some

other studies have concluded that viscoelastic relaxation is the dominant mechanism

[e.g., Pollitz et al., 2001; Pollitz, 2003;2005; Freed and Bürgman, 2004]. The observed

post-seismic deformation in the SISZ does not clearly favor one of these two mechanisms;

both seem equally likely. The GPS velocity field shows an overall right-lateral

motion and suggests uplift across the whole area (Figure 9). While the horizontal

velocity pattern may either be caused by afterslip below the coseismic ruptures or

by viscoelastic relaxation, neither mechanism can fully explain the observed vertical

velocity field, despite allowing for a vertical shift of about 2–3 mm/yr in the modeling.

A direct comparison of the model fits for the viscoelastic and afterslip models is not

straightforward, as smoothing and non-negativity constraints in the afterslip modeling

reduce the number of independent model parameters significantly. In general one

would expect a lower misfit for the afterslip models than the viscoelastic model, since

the former many more model parameters; 283 instead of only 5 for the viscoelastic

model. The data alone (i.e., a null model) give rise to a WRMS of 2.6 for the first year

(2000–2001) and 3.3 for later time interval (2001–2004). The WRMS for the viscoelastic

model is 1.8 for the first year compared to 2.0 for the later interval, whereas the weighted
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RMS for the optimal afterslip model is 1.3 for the first year, compared to 1.8 for the

later interval. The estimated distribution of afterslip appears more plausible during

the first year than for the latter time interval. Therefore, we suggest that viscoelastic

relaxation and afterslip occurred during the first year, but viscoelastic relaxation was

the dominant mechanism during the later years. A more sophisticated model using

numerical methods to allow for all three processes (i.e., poro-elastic and viscoelastic

relaxation and afterslip) to be active simultaneously during the first year, is outside the

scope of our study.

Several studies estimating the rheological properties under Iceland from geodetic

data have been published. A range of viscosities from 1 × 1018 to 5× 1019 Pa s (under

a 10 km thick elastic crust) was deduced from lake tilt measurements using a model of

glacial rebound due to shrinking of Vatnajökull, Iceland’s largest glacier [Sigmundsson

and Einarson, 1992]. GPS measurements in North Iceland have shown a large continuing

rift-normal extension away from the plate boundary, following the Krafla rifting episode

that took place in 1975-1984 [Björnsson, 1985]. This extension has been interpreted

as being predominantly due to post-rifting stress relaxation after the rifting episode.

Heki et al. [1993] found that displacements observed in N-Iceland from 1987 to 1990

are consistent with a 2D-model of a thin elastic plate over a Newtonian viscous layer

with a viscosity 0.3 − 2 × 1018 Pa s. A similar value of 1.1 × 1018 Pa s was estimated

using GPS data from 1987-1992 and a model consisting of 10 km thick elastic crust

overlaying a viscoelastic halfspace [Hofton and Foulger, 1996]. Pollitz and Sacks [1996]

applied a layered viscoelastic model to the same data set and found lower crustal and
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upper mantle viscosities of 3 × 1019 Pa s and 3 × 1018 Pa s, respectively. A study of

GPS velocities from 1994 to 2003 across the Western and Eastern Volcanic Zones,

assuming a Maxwell rheology in a half-space below an elastic plate, suggests viscosities

of 4 × 1019 Pa s [La Femina et al., 2005]. Our preferred viscoelastic relaxation model

for the SISZ is similar to that of Pollitz and Sacks [1996], with lower crustal viscosity of

0.5− 1× 1019 Pa s and upper mantle viscosity of about 3× 1018 Pa s.

An outstanding question is whether or not the post-seismic processes after the June

2000 earthquakes have increased the stress on faults in the SISZ. Large earthquakes

in the SISZ tend to occur in sequences on several parallel N-S striking faults that are

separated by 15-20 km. These sequences typically begin in the east and then progress to

the west. As the June 2000 sequence consisted of only two earthquakes, it is important

to study stress changes on N-S striking faults located 15-20 km to the west of the June

21 rupture, and also to the east of the June 17 rupture, which are the most likely

locations of the next large earthquake. Coseismic Coulomb failure stress (CFS) change

calculations indeed show significant positive CFS changes in these areas, indicating that

dextral N–S striking faults at these locations were brought closer to failure [Árnadóttir

et al., 2003a]. Stress calculations using our preferred afterslip models reveal a similar

pattern of CFS changes suggesting that afterslip would further load these faults by

∼0.05 MPa. Similarly, our optimal viscoelastic model predicts an overall ∼0.02− 0.06

MPa CFS increase in the epicentral area with positive changes extending about 20 km

to the east and west from the mainshock ruptures. Therefore, both post-seismic

mechanisms appear to further load the favorably oriented faults to the west and to the
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east of the June 2000 mainshock faults.

The total geodetic moment of the two M=w6.5 June 2000 earthquakes has been

estimated ∼1×1019 Nm [Árnadóttir et al., 2001; Pedersen et al., 2003] using M0 = µAu,

where µ is the shear modulus, A fault area, and u mean slip. Sigmundsson et al. [1995]

used the rate of geometric moment, Ṁ0/µ, as a measure to compare the rate of moment

build-up in the SISZ due to plate spreading, estimated as 1.0− 2.5× 107 m3/yr, to the

rate of seismic moment release in historical times, estimated as 2.0 − 2.3 × 107 m3/yr

[Stefánsson and Halldórsson, 1988; Hackman et al., 1990]. The geometric moment

of the two June 2000 mainshocks is about 3 × 108 m3, whereas the moment built up

since the MS=7.0 earthquake in 1912 is 9 − 22 × 108 m3 [Pedersen et al., 2003]. The

June 2000 mainshocks therefore released at most only one-third of the moment built

up due to plate spreading in the previous 88 years. Our afterslip model adds about

1 × 108 m3, over the 4 years that our data spans. We therefore conclude that there is

still a significant amount of moment stored in the brittle crust in the SISZ, suggesting

that we may expect large earthquakes there in the near future. Our stress change

calculations indicate that the areas west of the June 21 rupture and east of the June 17

rupture remain the most likely areas of future earthquakes.

9. Conclusions

Post-seismic deformation observed with GPS in the SISZ after two Mw=6.5

earthquakes is modeled using viscoelastic rheology and afterslip. The optimal afterslip

models have slip at 8–14 km depth below the coseismic ruptures during the first year
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and slip extending further north and south during the succeeding 3 years. The preferred

viscoelastic relaxation model has a lower crust viscosity of about 1019 Pa s, and poorly

constrained mantle viscosity of 3 × 1018 Pa s. This is based on joint consideration of

a robust horizontal velocity field and a marginally significant vertical velocity field.

Consideration of the horizontal velocity data alone constrains the lower crustal viscosity

to the range 0.5–1 × 1019 Pa s. Given the different number of parameters used in the

two types of models, it is difficult to favor one model over another on the basis of data

fit alone. Both types of post-seismic deformation models suggest that the areas east of

the June 17 and west of the June 21 ruptures, that had a large co-seismic stress increase,

continue to be loaded by the post-seismic deformation.
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of two MS=6.6 earthquakes in the South Iceland Seismic Zone, June 2000, Geophys.

Res. Lett., 28, 3341–3344.
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Stefánsson, R., and P. Halldórsson (1988), Strain release and strain build-up in the south

Iceland seismic zone, Tectonophysics, 152, 267–276.

Stefánsson, R., R. Bödvarsson, R. Slunga, P. Einarsson, S. Jakobsdóttir, H. Bungum, S.
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Figure 1. Map of the main tectonic features of southwest Iceland. The epicenters of

the June 17 and June 21, 2000, earthquakes are shown with large black stars and the

four largest aftershocks on June 17 are noted with small gray stars. The locations of the

June 17 and 21 fault models are marked by bold gray lines. The locations of the South

Iceland Seismic Zone (SISZ), Western Volcanic Zone (WVZ), and the Eastern Volcanic

Zone (EVZ) are also shown. Light shaded areas are individual spreading segments with

associated central volcanoes. The dashed box outlines the study area. The locations of

the campaign GPS stations are denoted with black triangles while the continous GPS

stations are shown with black squares. The inset shows the plate-boundary across Iceland

and the NUVEL-1A plate motion. The location of Figure 1 is indicated by a box.

Figure 2. Interseismic plate velocities (black arrows with 68% confidence ellipses),

relative to REYK (see Figure 1), calculated from GPS campaign observations from 1992

to 1999. Velocities of two CGPS stations (HVER and OLKE) were obtained from data

spanning early 1999 – June 2000. High velocities in the vicinity of the Hengill volcano are

due to an inflation episode from 1993 to 1998. The white arrows show velocities predicted

by a point source model of inflation at Hengill (shown with hexagon) from 1993 to 1998

[Feigl et al., 2000].

Figure 3. Horizontal GPS velocities during the first year (2000–2001) (black arrows with

68% confidence ellipses) in comparison to estimated interseismic plate velocities (white

arrows). All velocities are shown relative to REYK.
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Figure 4. Post-seismic GPS station velocities (black arrows with 68% confidence el-

lipses) corrected for interseismic plate motion. (a) Horizontal velocity field for 2000–

2001. Motion predicted by a model of poro-elastic relaxation is shown with white arrows

[Jónsson et al., 2003]. (b) Horizontal velocity field for 2001–2004. (c) Vertical velocities

(in ITRF2000) for 2000–2001, with poro-elastic model prediction (white arrows). (d)

Vertical velocities (in ITRF2000) for 2001–2004.

Figure 5. (a) Synthetic aperture radar interferogram (InSAR) showing near vertical

post-seismic displacements in the line of sight (LOS) towards the satellite near the June

17 rupture from 19 June to 24 July, 2000. (b) Simulated interferogram assuming poro-

elastic relaxation. (c) Average LOS displacement in an E–W profile for interferogram

shown in (a), drawn with the red curve, and the model prediction in (b) with blue. After

Figure 2 in Jónsson et al. [2003].

Figure 6. A transient rheology as represented by a Burgers body. It consists of a

Maxwell element in series with a Kelvin element, which are characterized by steady

state shear and bulk moduli µ1 and κ1, respectively, steady state viscosity η1, transient

viscosity η2, and transient shear modulus µ2. If η1 = ∞, then the material behaves like

a standard linear solid with relaxed shear modulus µ′ = µ1µ2/(µ1 + µ2). If η2 = ∞ or

µ2 = ∞, then the material behavior reduces to a Maxwell rheology.
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Figure 7. Layerd Earth model for the SISZ used in this study. We assume an elastic

upper crust down to 10 km, based on average depth of earthquake hypocenters in the

SISZ, and a lower crust from 10–20 km consistent with seismic studies. Based on similar

studies [Pollitz, 2003; Pollitz, 2005] we assume a Maxwell and Burgers body rheology

for the lower crust and upper mantle, respectively. In order to reduce the number of

unknowns we adopt scalings among these parameters determined by Pollitz [2003] for

the upper mantle beneath the Mojave Desert, i.e., values of the ratio µ2/µ1 and ratio

η2/η1.

Figure 8. Residual misfit of a set of viscoelastic models with respect to observed veloc-

ities in two time intervals. This is calculated from Equation 2 for the horizontal velocity

components (a and b) and for the vertical velocity components (c and d). Black circles

and triangles indicate the preferred low-η1 model and an alternative high-η1 model.

Figure 9. Observed (blue arrows with 68% confidence ellipses) and calculated velocity

fields for the preferred viscoelastic model (black circles in Figure 8), shown with red

vectors. The velocities predicted by the best fit afterslip models (Figure 11) are shown

with green vectors. The bold gray lines denote the up-dip surface projection of the

afterslip fault models. The horizontal velocity field for (a) the 2000–2001 interval, (b)

the 2001–2004 interval. The vertical velocity field for (c) 2000–2001, (d) 2001–2004. The

model velocity fields have been corrected for the estimated shift of ∆v (Equation 1),

which is approximately 1–2 mm/yr in horizontal and 2–3 mm/yr in vertical.
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Figure 10. Graphical comparison of observed and calculated velocity fields for the 2001–

2004 interval for the preferred low-η1 model (black circles in Figure 8) and the alternative

high-η1 model (black triangles in Figure 8). In each case the model velocity values have

been corrected for the vertical component of ∆v (Equation 1), which is approximately 3

mm/yr. The correlation coefficient is 0.11 and -0.18 for the low-η1 and high-η1 models,

respectively.

Figure 11. Distributed slip models for the (a) June 17 rupture and (b) June 21 rupture.

Afterslip models for the different intervals (2000–2001 and 2001–2004) are shown in the

top middle and right panels respectively. The coseismic slip distribution is shown in

the top left panel. The lower three panels show the cumulative slip for the different

time intervals, i.e., coseismic and first year of post-seismic slip (left), coseismic and first

four years of post-seismic slip (middle) and total afterslip (right). The black dots are

earthquake hypocenters recorded by the SIL seismic network during the two time intervals

(B. Thorbjarnardóttir, pers. communication, 2004).
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